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Abstract The distribution of dissolved silicon isotopes (δ30Si) was examined along the U.S. GEOTRACES
East Pacific Zonal Transect (GP16) extending from Peru to Tahiti (10°S and 15°S latitude). Surface waters in
the subtropical gyre displayed high δ30Si due to strong utilization of silicic acid (DSi). In contrast, surface
waters close to the Peruvian coast where upwelling prevailed were less depleted and only moderately
fractionated. δ30Si of water masses along the transect was compared with the results of an Optimum
Multiparameter Analysis that quantified the fractional contributions of end‐member water masses in each
sample. Strong admixture of intermediate waters obscured the expected heavy isotopic signatures of
Subantarctic ModeWater and Antarctic Intermediate Water. Isotope values were nearly homogenous below
2,000 m (average: +1.3 ± 0.1‰, 1 s.d.) despite the 25 μmol kg−1 range in the DSi content among water
masses. This homogeneity confirms prior observations and model results that predict nearly constant δ30Si
values of +1.0‰ to +1.2‰ for Pacific deep waters with [DSi] > 100 μmol kg−1. Waters above the East Pacific
Rise (EPR) influenced by hydrothermal activity showed a small increase in [DSi] together with dissolved
iron, but overall stations close to the EPR were slightly depleted in [DSi] (3 to 6 μmol kg−1) with no
significant shift in δ30Si compared to adjacent waters. Hydrothermal [DSi] appears to precipitate within the
conduit of the EPR or upon contact with cold seawater resulting in a negligible influence of hydrothermal
fluids on δ30Si in deep water.
1. Introduction
Silicic acid, Si(OH)4, hereafter referred to as dissolved silicon (DSi), is one of the major macronutrients in the
ocean along with nitrate (NO3
−) and orthophosphate (PO4
3−). Diatoms, which account for 40% of marine
primary productivity, have a strict growth requirement for DSi that they use to build their cell wall (e.g.,
P. Tréguer et al., 2017; Werner, 1977). Therefore, DSi plays an essential role in oceanic primary productivity
and is closely linked to the carbon cycle, especially in coastal upwelling areas, where diatoms dominate the
phytoplankton community (e.g., Nelson et al., 1995; P. Tréguer et al., 2017). The isotopic composition of DSi
(δ30Si) has proven to be a powerful tool to better understand the role of DSi and diatoms in ocean processes
as the δ30Si of seawater carries information about DSi utilization in surface waters, the subsequent dissolu-
tion of sinking biogenic silica (hereafter referred to as BSi), as well as water mass mixing (e.g., De La Rocha
et al., 1997; Grasse et al., 2013; B. Reynolds et al., 2006).
The U.S. GEOTRACES East Pacific Zonal Transect (EPZT, GP16) that extended from the coast of Peru to
Tahiti between 10°S and 15°S latitude afforded the opportunity to examine Si isotope dynamics along a
strong gradient in surface productivity and in a region where models predict relatively homogenous δ30Si
among deep water masses (de Souza et al., 2014; Gao et al., 2016). The coastal end‐member of the EPZT
along the Peruvian coast is a major upwelling system with high productivity induced by Ekman suction of
nutrient‐rich subsurface waters with high PO4
3−, DSi, and total dissolved iron (dFe) concentrations (e.g.,
Bruland et al., 2005). The export of plankton and its decomposition at depth produces one of the largest sub-
surface oxygenminimum zones (OMZs) in the global ocean (Karstensen et al., 2008; Pennington et al., 2006).
High primary productivity along the coast with chlorophyll concentrations (Chl a) of 5–10 mgm−3 (Echevin
et al., 2008) strongly contrasts with the South Pacific subtropical gyre offshore that are some of the most oli-
gotrophic and “clearest” waters in the world ocean with Chl a as low as 0.02 mg m−3 (Morel et al., 2010).
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• Surface waters have a large range in
dissolved silicon isotopes covering
nutrient‐rich coastal upwelling to
oligotrophic waters
• Deep water masses with DSi
concentrations >100 μmol kg−1
show homogenous silicon isotope
signatures despite up to
25 μmol kg−1 differences in [DSi]
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negligible effect on Si isotope
distributions in the deep Pacific
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Along the EPZT subsurface water masses are a complex mix of waters originating from both the south and
the north (Peters, Jenkins, et al., 2018). Antarctic Intermediate Water (AAIW), Circumpolar Deep Water
(CDW), and Antarctic Bottom Water (AABW) originate in the Southern Ocean. Relatively high DSi utiliza-
tion in AAIW formation regions and DSi trapping within CDW and AABW in the Southern Ocean are pre-
dicted to partition heavy isotopes of Si to AAIW with the deep water masses retaining light isotopes (de
Souza et al., 2014; Gao et al., 2016; Holzer & Brzezinski, 2015). Northern water masses in the upper
1,500 m include Equatorial Subsurface Water (ESSW) and Equatorial Pacific Intermediate Water (EqPIW)
with Pacific DeepWater (PDW) found at depth. PDW is marked by having one of the highest DSi concentra-
tions in the global ocean. All deep waters >2,000 m have [DSi] over 120 μmol kg−1. Models predict little var-
iation in δ30Si when [DSi] exceeds ~100 μmol kg−1 (e.g., B. C. Reynolds, 2009; Wischmeyer et al., 2003),
leading to the hypothesis of a homogenous deep Si isotope distribution along the EPZT.
The main factor controlling δ30Si in the euphotic zone is DSi utilization by diatoms, which preferentially
incorporate the lighter Si isotopes into their frustules, elevating the δ30Si of the surrounding seawater
(e.g., De La Rocha et al., 1997). Culture studies have shown that the fractionation factor (30ε) between dia-
toms and seawater is −0.5‰ to −2.1‰ (mean −1.0 ± 0.4‰, 1 s.d.) depending on the diatom species (De
La Rocha et al., 1997; J. N. Sutton et al., 2013) and possibly iron limitation (Meyerink et al., 2017). 30ε is inde-
pendent of temperature (12–22°C; De La Rocha et al., 1997), pCO2 concentrations (Milligan et al., 2004), and
growth rate (Sun et al., 2014). Silica dissolution in the euphotic zone may counter the effect of production.
Several studies investigated Si isotope fractionation during dissolution (30εDiss) of diatom frustules
(Demarest et al., 2009; Sun et al., 2014; Wetzel et al., 2014) with 30εDiss ranging from 0‰ to +0.9‰. Thus,
in the euphotic zone, δ30Si is driven to higher values by silica production and possibly to lower values by
silica dissolution. These effects are expected to vary geographically, with higher dissolution to production
ratios (∫D:P) in oligotrophic regions (~80%) and lower ratios in productive coastal zones, where on average,
15% of the produced silica is dissolved within the euphotic zone (Brzezinski et al., 2003; Nelson et al., 1995;
Nelson & Brzezinski, 1997).
Below the euphotic zone, silica production is negligible, but silica dissolution continues resulting in the loss
of about half of the BSi that is exported out of the euphotic zone in deep waters (Holzer et al., 2014; P. J.
Tréguer & De La Rocha, 2013). The fraction of BSi production that is buried in sediments is thought to be
balanced by a combination of riverine input (P. J. Tréguer & De La Rocha, 2013) and benthic fluxes that
results from dissolution of BSi and silicate alteration at the sediment‐water interface (Ehlert et al., 2012;
Grasse et al., 2016) and input from hydrothermal sources with low δ30Si (~−0.3‰; De La Rocha et al., 2000).
However, the influence of benthic fluxes, including hydrothermal input of Si, on δ30Si in the deep ocean is
not well constrained.
Models have revealed a close coupling between biological fractionation, silica export, and dissolution and
the meridional overturning circulation (de Souza et al., 2014; Gao et al., 2016; Holzer & Brzezinski, 2015)
and are generally highly successful at reproducing the global observations of δ30Si. The Pacific is the excep-
tion. Whereas models predict the deep Pacific to have nearly homogenous δ30Si across the entire basin (de
Souza et al., 2014; Gao et al., 2016; B. C. Reynolds, 2009; Wischmeyer et al., 2003), observations indicate a
more complex pattern. A wide range in δ30Si values have been reported for the deep Pacific Ocean
(>2,000 m) ranging from low δ30Si values (+0.6‰) in the North Pacific (De La Rocha et al., 2000; B.
Reynolds et al., 2006) to high δ30Si values (+1.7‰; mean: +1.5‰; Jones, personal communication,
17.05.2019; Beucher et al., 2008) in the Cascadia Basin, which possibly results from additional sources like
the Northeast Pacific DSi Plume (Johnson et al., 2006). The flux of Si required to sustain the plume is large
(1.5 Tmol Si yr−1) and equivalent to a third of that supplied to the global ocean by rivers (Johnson et al., 2006).
However, inputs, like the Northeast Pacific Si Plume or hydrothermal sources, have not been implemented
in marine Si models, so their influence on the δ30Si in deep waters is uncertain. This is a significant issue as
benthic DSi fluxes from the seafloor are estimated to be 10 times higher than the inputs of DSi from rivers
(~70 Tmol Si yr−1 vs. with ~7 Tmol Si yr−1; P. J. Tréguer & De La Rocha, 2013).
Today, the spatial resolution of δ30Si data in the Pacific is inadequate to evaluate mechanisms leading to
even the first‐order distribution of isotopes of Si in the basin. In order to better understand those mechan-
isms, seawater samples from the international GEOTRACES program along the EPZT (GP16) transect
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from Peru to Tahiti were analyzed. Sampling spanned a large gradient in primary productivity from the
upwelling region off Peru to the oligotrophic subtropical gyre near Tahiti reflecting different levels of diatom
productivity and silica ∫D:P ratios. The transect also sampled the region's strong OMZ and several intermedi-
ate and deep water masses whose isotopic signatures have been predicted from observations and models.
Finally, the section offers the ability to evaluate the influence of the hydrothermal plume from the East
Pacific Rise (EPR) on the deep δ30Si distribution.
2. Materials and Methods
2.1. Sampling
The U.S. GEOTRACES GP16 transect was conducted on board the R/V Thomas G. Thompson from October
2013 until December 2013. The transect extended from Peru to Tahiti (79°W to 152°W) between 10°S and
15°S (Figure 1a). Seawater samples for δ30Si measurements were collected at 10 full stations using the
Oceanographic Data Facility's (ODF, Scripps Institution of Oceanography) CTD rosette mounted with
Niskin samplers and a Sea‐Bird Electronics CTD (SBE9plus). Nutrient analyses were performed on a Seal
Analytical continuous‐flow AutoAnalyzer (AA3) onboard the R/V Thompson. Nutrient measurements as
well as reference nutrient seawater (RMNS) were performed according to Atlas et al. (1971) and Gordon
et al. (1992). For details, see Peters, Jenkins, et al. (2018). Nutrient and hydrographic data are available
through the Biological and Chemical Oceanography Data Management Office Website (https://www.bco-
dmo.org/project/499723) and from the GEOTRACES Intermediate Data Product (IDP; Schlitzer et al.,
2018). Seawater samples for δ30Si measurements were gravity filtered into polypropylene containers through
in‐line Supor filter capsules (0.8/0.45 μm) attached directly to each Niskin bottle. Sample bottles were capped
and stored without preservative in the dark. A detailed description of the physical and biogeochemical envir-
onment (nutrients and oxygen concentrations), as well as water mass contributions according to an
Optimum Multiparameter Analysis (OMPA), can be found in Peters, Jenkins, et al. (2018).
(a)
(b)
Figure 1. (a) GP16 transect with sampling locations. [DSi] in the surface water is shown in μmol kg−1. (b) [DSi] (in
μmol kg−1) along the section and water masses according to Peters, Jenkins, et al. (2018). Surface and subsurface
water masses are Eastern South Pacific Intermediate Water (ESPIW), South Pacific Central Water (SPCW), and
Equatorial Subsurface Water (ESSW). The main intermediate water masses at approximately 1,000 m depth are
Equatorial Pacific Intermediate Water (EqPIW) and Antarctic Intermediate Water (AAIW). Deep water masses are Upper
Circumpolar Deep Water (UCDW), Antarctic Bottom Water (AABW), Lower Circumpolar Deep Water (LCDW), and
Pacific Deep Water (PDW). Potential density lines (σθ; kg m
−3) are indicated by dashed black lines and oxygen
concentrations (μmol kg−1) with solid white lines. Station numbers as well as the location of the East Pacific Rise (EPR)
are shown at the bottom of (b). ODV plots are created using Schlitzer (2018).
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2.2. Sample Preparation and Si Isotope Measurements
Sample preparation and δ30Si measurements were conducted in two different laboratories (GEOMAR
Helmholtz Centre for Ocean Research Kiel, Germany, and the University of California, Santa Barbara
(UCSB), USA). Samples with low [DSi] (<20 μmol kg−1) were measured at GEOMAR and high [DSi]
(>20 μmol kg−1) at UCSB due to the higher sample mass requirement for the methods used at UCSB.
Intercalibration was accomplished through the analysis of a subset of 25 samples by each laboratory, repre-
senting between one and four samples from all stations with DSi concentrations ranging from 5.5 to
107.1 μmol kg−1 (supporting information Tables S1 and S2). Additionally, the seawater standards
ALOHA300 and ALOHA1000 as well as solid reference materials (Big Batch [BB] and Diatomite) were mon-
itored at both laboratories during the measurements. For samples that were measured at both laboratories
the δ30Si mean of all single measurements (GEOMAR andUCSB) is given with the corresponding 2 s.d. error
(see Table S1). δ30Si data are available through the Biological and Chemical Oceanography Data
Management Office Website (https://www.bco-dmo.org/dataset/728819).
2.2.1. GEOMAR
The pH of samples was raised with NaOH to precipitate Mg(OH)2 to scavenge DSi (MAGIC, B. Reynolds
et al., 2006, after Karl & Tien, 1992). The precipitate was isolated by centrifugation, dissolved in HCl, and
diluted to a final concentration of ~2 ppm Si. Residual seawater cations were removed by passing each con-
centrate through AG50W‐X8 (200–400 mesh) resin. Samples were analyzed using an Aridus II nebulizer
coupled to a Nu Plasma MC‐ICP‐MS (Nu Instruments™, Wrexham, UK). Each analysis involved 50 to
60 cycles in sample‐standard bracketing mode against NBS28. Details of sample preparation are presented
in Grasse et al. (2013). Samples were repeated two to four times in different analytical sessions (n¼ analytical
replicate) with a few exceptions that were onlymeasured once (Table S1). Among the samplesmore than 50%
were full replicates that included theMAGIC precipitation step and column chemistry. Sample reproducibil-
ity (2 s.d.) was generally between 0.01‰ and 0.26‰, except for one sample with 0.32‰ (2 s.d.). The standards
ALOHA1000 and ALOHA300 resulted in +1.27 ± 0.15‰ (mean ± 2 s.d., n¼ 35) and +1.80 ± 0.22‰ (n¼ 10),
respectively, which are in good agreement with values obtained by the GEOTRACES intercalibration study
from Grasse et al. (2017; +1.24 ± 0.20‰; +1.68 ± 0.35‰, mean ± 2 s.d.). Solid reference standards (BB and
Diatomite) resulted in a mean δ30Si of −10.56 ± 0.26‰ (2 s.d., n ¼ 12) and +1.25 ± 0.14‰ (2 s.d., n ¼ 9),
which are in very good agreementwith consensus values (B. C. Reynolds et al., 2007). Formore details includ-
ing the median for standards, see Table S3.
2.2.2. UCSB
Seawater samples for isotopic analysis were processed following the method described in Brzezinski
et al. (2006). The method involved the quantitative precipitation of silicon from seawater as trimethylamine
silicomolybdate using a high‐purity triethlyamine ammoniummolybdate solution (TEA‐Moly). The precipi-
tate was isolated by filtration onto a polycarbonate filter and purified by high temperature combustion to
produce solid silicon dioxide (SiO2, De La Rocha et al., 1996). SiO2 was then converted to Cs2SiF6 by dissolu-
tion in HF and addition of CsCl. The Cs2SiF6 was decomposed with 98% sulfuric acid to generate SiF4 gas
that was cryogenically purified and analyzed in a modified Kiel III inlet system coupled to a gas source
MAT252 Isotope Ratio Mass Spectrometer (IRMS). Samples were run against cryogenically purified com-
mercial SiF4 gas using a sample‐standard bracketing approach (20 cycles per analysis). The final δ
30Si sample
value was calculated according to Paul et al. (2007) using a multiple‐point normalization procedure, that is,
based on the linear relationship between the consensus values and measured δ30Si values of two or more
reference standards (in this study NBS28, BB, and Diatomite) to achieve a more constrained calibration of
the reference SiF4 gas. With the multiple‐point normalization the value of NBS28 is dictated by the regres-
sion line for all standards rather than assumed to be zero as in the single‐point normalization. This did
not bias the result from the two laboratories as the value for NBS28 from the multiple‐point normalization
procedure is +0.03 ± 0.19‰ (2 s.d.), which is well within analytical uncertainty (see below).
Measurements were generally repeated two to four times in different analytical sessions (see Table S1).
Reproducibility of δ30Si analyses averages ±0.16‰ (2 s.d.) for samples and ±0.12‰ (2 s.d.) for standards.
Accuracy of measurements was checked using intercalibrated seawater standards ALOHA1000
(δ30Si ¼ +1.29 ± 0.22‰; n ¼ 35) and ALOHA300 (+1.44 ± 0.28‰; n ¼ 12) and solid reference standards
(BB: −10.50 ± 0.21‰ [n ¼ 120] and Diatomite: +1.26 ± 0.20‰ [n ¼ 25]). Standard values above are
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reported as mean values with 2 s.d. The values obtained for all standard
and reference materials are in good agreement with the intercalibrated
values published by Grasse et al. (2017) and B. C. Reynolds et al. (2007).
For more details including the median for standards, see Table S3.
3. Results
3.1. Analytical Calibration Between GEOMAR and UCSB
The comparison between samples (n ¼ 25) and standard measurements
from both laboratories shows that, despite the use of different sample pro-
cessing methods (MAGIC vs. TEA‐Moly) and different instruments
(MC‐ICP‐MS vs. IRMS), the vast majority of samples agree to within
10% or better, with a difference generally <±0.2‰ (2 s.d.; except for two
samples with 0.3‰ (2 s.d.); see Table S2 and Figure S1). The good agree-
ment between the two laboratories is further illustrated by the random
distribution of samples and standards from both laboratories along a 1:1
line (Figure 2), which eliminates the possibility of a systematic bias in
the determined Si isotope composition. Although some interlaboratory
comparisons have observed a constant offset between their δ30Si measure-
ments (see Brzezinski & Jones, 2015), our observations confirm the pre-
viously published conclusion that there is no systematic offset between
MC‐ICP‐MS and IRMS (B. C. Reynolds et al., 2007; Grasse et al., 2017).
External reproducibility (2 s.d.) of reference materials analyzed in the two laboratories ranges between 0.1‰
to 0.3‰ and 0.2‰ to 0.3‰ for GEOMAR and UCSB, respectively. These results are similar to those obtained
during the interlaboratory comparison of Si isotopes in seawater (Grasse et al., 2017) and in pure solid silic-
eous materials (B. C. Reynolds et al., 2007). The mean results for all reference materials δ30Si were in very
good agreement (<±0.1‰ difference) except for ALOHA300 (0.36‰ difference, Table S3), which is similar
to the 0.32‰ difference observed between the two laboratories during the interlaboratory comparison. In
their interlaboratory comparison exercise, Grasse et al. (2017) previously pointed out a better reproducibility
for ALOHA1000 compared to ALOHA300 (±0.2‰ vs. ±0.4‰, 2 s.d.) among and within laboratories. They sug-
gest that possible origin of the larger variance of measurements for ALOHA300 could be the occurrence of
seawater ions that are not removed during purification using the cation exchange resins or the higher
DOC to Si ratio in the shallow sample. Any element remaining in the final solution can compete with Si
for ionization during analysis, especially when using MC‐ICP‐MS, and thus can potentially induce a matrix
effect and bias the final δ30Si.
The isotope fractionation for Si is mass dependent resulting in a linear relationship between δ30Si and δ29Si
that depends on the fractionation process (equilibrium vs. kinetic fractionation). The slope of the resulting
correlation is thus an indicator for the quality of δ30Si measurements, as any polyatomic interference during
MC‐ICP‐MS measurements or the presence of interfering masses for IRMS measurement would lead to an
offset from the predicted fractionation line. As shown in Figure S2, the least squares linear regression
between δ30Si and δ29Si is in excellent agreement for both laboratories and produces a slope of
0.509 ± 0.001 (R2¼ 0.99), which is not distinguishable from the theoretical values of equilibrium and kinetic
fractionations (0.518 and 0.505, respectively; Young et al., 2002). This confirms the absence of isobaric inter-
ference problems during isotopic analysis in both laboratories.
3.2. [DSi] and δ30Si Distribution Along GP16
Surface waters (approximately upper 200 m) display the commonly observed inverse relationship between
δ30Si and [DSi] with the heaviest δ30Si values associated to low [DSi] surface waters (Figures 1b and 3).
[DSi] in surface waters ranged from 1 to 5 μmol kg−1 with the highest concentrations at Station 7 and
Station 9 in proximity to Peru. Here, the lightest δ30Si (+2.3‰ to +2.5‰) in surface waters is observed
(Figure 3 and Table S1). Surface waters west of 100°W longitude have the lowest [DSi] (1 to 2 μmol kg−1)
accompanied by heavy δ30Si (up to +3.5‰). A strong decrease in [NO3
−] is also observed west of 100°W
(Figure S3). Most of the longitudinal variation in δ30Si across the GP16 transect is limited to the
Figure 2. δ30SiUCSB versus δ
30SiGEOMAR data for samples (black symbols)
and standards (orange symbols) including a 1:1 line (solid black line)
with a .2‰ error (2 s.d., dashed line) for better comparison of the
intercalibrated data. Note that, for clarity, the Big Batch value is not shown
but falls on a 1:1 line (see Table S3).
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oxygenated upper water column (Figure 3). Below, δ30Si at all stations decreases sharply to approximately
+1.6‰ associated with a strong increase in [DSi], which is closely linked to the upper oxycline (Figure 3).
In close proximity to Peru (Stations 1, 7, 9, and 11) a strong OMZ is observed with oxygen concentrations
close to zero that lies within a potential density (σθ) range of 26.2 to 27.0 kg m
−3 (Figure 3 and Table S1).
West of 100°W oxygen concentrations within the oxygenminimum slowly begin to increase with the highest
oxygen concentrations (110 μmol kg−1) at Stations 23 and 36 (300 m; Figures 3 and S4). Despite the large
range in oxygen concentrations as well as in [DSi] (from 10 to 40 μmol kg−1), no clear shift in δ30Si between
σθ of 26.2 to 27.0 kg m
−3 is observed (+1.6 ± 0.1‰; mean ± 1 s.d.; Figure S4).
At most stations (Stations 1, 7, 9, 32, and 36) [DSi] increases with depth to a maximum concentration (up to
150 μmol kg−1) between 2,000 and 4,000m. Below, [DSi] either decreases by up to 15% (Stations 1,7, 9, 32, and
36), stays constant (Stations 11, 18, 23, and 28), or shows an increase toward the bottom (Station 15).
However, these changes in [DSi] are not reflected in the corresponding δ30Si values, which remain rather
constant below 1,000 m with a mean of +1.4 ± 0.1‰ (1 s.d.) ranging from +1.2‰ to +1.6‰ excluding one
suspicious value of +1.69‰ at Station 11 (3,640 m). Below 2,000 m the average δ30Si is +1.3 ± 0.1‰ (1 s.d.).
The station located nearly directly above the EPR (Station 18) shows a slightly different [DSi] distribution.
Here, [DSi] increases until 2,000 m to 130 μmol kg−1, the lowest concentration at this depth compared to
all other stations, and then [DSi] slightly decreases (125 μmol kg−1). At 2,500 m [DSi] increases again to
(132 μmol kg−1). δ30Si above the EPR (2,211 to 2,620 m) is rather constant around +1.4 ± 0.1‰ (mean, 1
s.d.), except for the sample at 2,211 m, where δ30Si is enriched (+1.6 ± 0.1‰, 2 s.d.).
4. Discussion
4.1. Controls on the δ30Si Distribution in Surface and Subsurface Waters
The observed trend between low [DSi] and high δ30Si values in surface waters is generally attributed to the
fractionation of Si during DSi consumption by siliceous phytoplankton (De La Rocha et al., 1997; J. Sutton
et al., 2018). Whereas in coastal upwelling systems diatoms dominate the phytoplankton community, further
offshore generally nonsiliceous phytoplankton, such as the cyanobacteria Synechococcus and Prochlorococcus
Figure 3. Depth profiles along the GP16 transect showing δ30Si in ‰ (black dots) and [DSi] in μmol kg−1 (open black symbols) together with the oxygen
concentration in μmol kg−1 (blue line). The gray‐shaded area indicates the bottom depth including the location of the East Pacific Rise (EPR, Station 18).
Error bars represent the individual 2 s.d. of each sample.
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are observed (e.g., Estrada & Blasco, 1985; Franz et al., 2012). The strong influence of siliceous
phytoplankton, most likely diatoms at stations east of 100°W, is illustrated by the ratio between DSi to
NO3
− (DSi/N) that indicates utilization of 0.4 mol of DSi for each mole of NO3
−, whereas west of 100°W
longitude, the slope declines to 0.1 mol DSi per NO3
− (Figures 4a and 4b). The relative utilization of DSi
and N is also reflected in the strong correlation between δ30Si and the stable isotope composition of NO3
−
(δ15NO3
−, adapted from Peters, Lam, & Casciotti, 2018; Figure 4c). DSi/N ratios, observed during GP16,
are comparable to a study by Grasse et al. (2016), where in close proximity to Peru DSi/N ratios of 0.5 were
observed, which decreased in offshore waters to 0.1 mol of DSi for each mole of NO3
−. Diatoms normally
incorporate DSi and N at a 1:1 mole ratio (Brzezinski, 1985; Ragueneau et al., 2000), but stress, such as Fe
limitation, can lead to an enhanced uptake of DSi overN resulting in heavier silicified frustules of the diatoms
(Hutchins & Bruland, 1998; Franck et al., 2003). During the EPZT dissolved Fe (dFe) and other trace metals,
like zinc (Zn) andCadmium (Cd), were never completely depleted in upper 50mof the eastern transect (up to
0.1 to 0.2 nmol; S. G. John et al., 2018, Figure S3). Thus, changes in the DSi/N consumption ratio and the shift
in the slope of the relationship between δ30Si and (δ15NO3
−) likely reflect the enhanced prevalence of non-
siliceous organisms from coast to gyre waters (Conley & Malone, 1992; Wilkerson & Dugdale, 1996).
Besides DSi utilization, the δ30Si signal in surface waters is strongly influenced by upwelling intensity and by
horizontal mixing by eddies (Ehlert et al., 2012; Grasse et al., 2013, 2016). During strong upwelling along the
Peruvian coast, surface waters are supplied with DSi‐rich subsurface waters (e.g., Bruland et al., 2005).
Subsurface waters in proximity to the Peruvian coast are composed of ESSW, a coastal water mass that is
transported southwards along the Peruvian coast with the Peru Chile Undercurrent (e.g., Montes et al., 2010;
Thomsen et al., 2016). ESSW is typically characterized by very low N:P as well as high DSi/N ratios, due to
the removal of NO3
− via denitrification and/or annamox in anoxic coastal waters off Peru (Figure 4;
Codispoti, 2007; Franz et al., 2012; Grasse et al., 2016; Kalvelage et al., 2013; Silva et al., 2009).
Additionally, [DSi] in coastal areas is elevated due to high remineralization rates as well as benthic fluxes
from the sediments (Ehlert et al., 2016; Grasse et al., 2016). Along the Peruvian coast [DSi] up to
(a)
(b) (c)
Figure 4. (a) DSi/NO3
− (DSi/N) ratios in the upper 500 m including oxygen contour lines (white). (b) DSi versus NO3
−
as well as (c) δ30Si versus δ15NO3
− in the upper oxygenated water column (oxygen >160 μmol kg−1; depth <200 m). δ15
NO3
− data are adapted from Peters, Lam, and Casciotti (2018).
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40 μmol kg−1 in subsurface waters has been observed with an average δ30Si of +1.5 ± 0.2‰ (1 s.d.; Ehlert
et al., 2012) similar to our observations at Station 1 (Figure 3). Very recent upwelling can therefore lead to
δ30Si signals in surface waters as low as +1.7‰, when only 50% of the available [DSi] pool is utilized
(Ehlert et al., 2012). In contrast, surface waters west of 100°W show the highest δ30Si values (up to
+3.5‰; 2 μmol kg−1) due to a high utilization of the available [DSi] pool (Figure 3). However, the [DSi]
pool is never completely exhausted, possibly due to NO3
− limitation ([NO3
−] < 1 μmol kg−1) resulting in
very high DSi/N ratios (~4) at the most western part of the transect (Figure 4a). Potential colimitation
with Fe, zinc (Zn), or cadmium (Cd) cannot be excluded, even though none of the micronutrients are
completely exhausted in the upper 50 m (D. G. John et al., 2017; S. G. John et al., 2018; Figure S3).
Subsurface waters (σθ: 26 to 27 kg m
−3) further offshore are mainly dominated by Eastern South Pacific
Intermediate Water (ESPIW, up to 60%, Station 15) and South Pacific Central Water (SPCW, up to 45%,
Station 36). Compared to ESSW, which generally has oxygen concentrations below 10 μmol kg−1, ESPIW
and SPCW are well oxygenated (50 to 110 μmol kg−1, Figures 1b, 3, and 5a). Interestingly, the subsurface
waters show no significant variation in δ30Si (+1.6 ± 0.1‰; mean ± s.d.; Figure S4) despite a 30 μmol kg−1
difference in [DSi] across the complete section from Peru to Tahiti (Figure 3). However, a strong coupling
between the upper oxycline and the sudden increase in [DSi] and decrease in δ30Si can be observed, showing
that the oxycline represents the shift fromwell‐ventilated waters to poorly ventilated, old waters of the OMZ.
4.2. Intermediate Water δ30Si Values
Intermediate waters (neutral density γn: 27 to 27.4 kg m−3) are mainly characterized by a mixture of AAIW,
Subantarctic Mode Water (SAMW), and EqPIW. Whereas EqPIW reflects a rather “old” water mass,
enriched in [DSi] (Bostock et al., 2013), AAIW and SAMW are relatively “young” subducted surface water
masses from the Southern Ocean, depleted in [DSi] (e.g., Sarmiento et al., 2004). This is reflected in their
DSi concentrations and in their δ30Si values. A study by de Souza et al. (2012) was able to track
AAIW/SAMW, using its negative Si* (~ −20 μmol kg−1; Sarmiento et al., 2004) and its original high δ30Si
signature at high southern latitudes (up to +1.8 to +2‰ below the mixed layer and up to +3.2‰ within
the mixed layer; Figure 5b) to approximately 20°S. Toward the north δ30Si is decreasing due to admixture
with EQPIW, water masses from the north (Figure 5c). EqPIW prevails, north of 20°S with elevated [DSi],
visible by a positive Si* (+23 μmol kg−1) as well as lower δ30Si (Figures 5a and 5c). According to the
OMPA analysis of Peters, Jenkins, et al. (2018), Station 18 (800 m) has the highest contribution of AAIW
(50%) and already shows a positive Si* (18 μmol kg−1) and only a slightly elevated δ30Si of +1.7 ± 0.3‰.
Given that the AAIW end‐member has a relatively low DSi concentration (13 μmol kg−1, Peters, Jenkins,
et al., 2018), its contribution to the [DSi] at this station is only 11%, consistent with the lack of a
(a) (b) (c)
Figure 5. Neutral density γn (kg m−3) versus (a) Si* (Si* ¼ [DSi] − [NO3−]; Sarmiento et al. (2004) and (b) δ30Si, for
subsurface (ESSW) as well as intermediate water masses (AAIW/SAMW and EqPIW) for comparison between data
obtained during a transect along 103°W in the eastern South Pacific (de Souza, Reynolds, Johnson, et al., 2012, black
dots) and the GP16 data (gray dots and open symbols). Samples along GP16 with oxygen concentrations less than
10 μmol kg−1 are indicated by open symbols. A negative Si* (−20 μmol kg−1) indicates subducted surface water masses
from the Southern Ocean (AAIW/SAMW; de Souza, Reynolds, Johnson, et al., 2012), whereas a positive Si*
(+20 μmol kg−1) is typically found in low oxygen coastal waters (ESSW; <10 μmol kg−1). According to Peters, Jenkins,
et al. (2018), the EqPIW is defined by Si* of approximately 0 μmol kg−1. The gray‐shaded area indicates intermediate
waters within a density range (γn) of 27 to 27.4 kg m−3, which are plotted in (c) showing the decrease in δ30Si coupled to
an increase in Si* between AAIW/SAMW and EqPIW.
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significant influence of AAIW on δ30Si at this latitude (10°S to 15°S). In
contrast to AAIW/SAMW, EqPIW in equatorial regions show δ30Si values
of approximately +1.5‰ (Beucher et al., 2008; Grasse et al., 2013), which
agrees well with Stations 28 and 36 (~600 m, +1.53 ± 0.15‰ and
1.55 ± 0.23‰, respectively) where we see the highest attribution of
EqPIW (70% to 80%). Considering the external reproducibility of the
δ30Si measurement of 0.2‰, intermediate waters show little variation in
δ30Si (overall mean of +1.5 ± 0.1‰) across the transect indicating that
mixing and other processes have erased the original positive δ30Si signa-
tures of AAIW and SAMW (Figure 5c).
4.3. Deep Water δ30Si Values
Deep waters between 1,500 and 3,000 m (27.5 < σθ< 27.73) are dominated
by Upper Circumpolar DeepWater (UCDW) and PDW. PDW is one of the
oldest water masses in the global ocean and most likely formed through
upwelling and diapycnal diffusion of northward‐flowing bottom waters
(Talley, 2008). It is characterized by [DSi] of up to 170 μmol kg−1 and
can be distinguished from UCDW, which has higher oxygen concentra-
tions and lower DSi concentrations (77 μmol kg−1; see references in
Peters, Jenkins, et al., 2018). UCDW is mainly present west of 100°W
between 1,000 and 3,000 m with contribution ranging from 40% to 60%,
whereas PDW dominates around 80°W to 100°W (Figure 1b). Only small
differences in δ30Si have been observed between UCDW and LCDW (on
average +1.3 ± 0.1‰ and +1.0 ± 0.1‰; Closset et al., 2016). In the present data set these differences were
not apparent with δ30Si of deep water masses (below 2,000 m) averaging +1.3 ± 0.1‰.
The densest water masses in the region are AABW and Lower Circumpolar Deep Water (LCDW) (Peters,
Jenkins, et al., 2018; Figure 1b). These water masses have similar NO3
−, PO4
− but different [DSi]
end‐member concentrations with lower [DSi] (92 μmol kg−1) for LCDW and higher [DSi] (144 μmol kg−1)
for AABW. After leaving the Southern Ocean these water masses encounter admixture with other deep
water masses (e.g., North Pacific Deep Water [NPDW]) during transit through the Pacific Basin (Kawabe
& Fujio, 2010). Previous work in the Southern Ocean (Drake Passage, South of Australia, Indo‐Atlantic)
has shown that the main water mass, CDW, has a relatively homogenous δ30Si of +1.2‰ (Cardinal et al.,
2005; de Souza, Reynolds, Johnson, et al., 2012; de Souza et al., 2012), which is indistinguishable from
AABW (Brzezinski & Jones, 2015; de Souza et al., 2014; de Souza, Reynolds, Rickli, & Frank, 2012; Holzer
& Brzezinski, 2015).
According to the OMPA analysis of Peters, Jenkins, et al. (2018), AABW contribution exceeds 40% in the
western part of the transect, associated to higher oxygen concentrations (>175 μmol kg−1) and <20% east
of EPR associated to oxygen concentrations around 150 μmol kg−1. Stations with the strongest attribution
of LCDW (50%; Station 1) and AABW (52%; Station 36) do not show distinct δ30Si values (+1.3‰ and
+1.3‰, respectively) (Figures 3 and 4) contributing to a remarkable homogeneity for deep water δ30Si in this
region of the Pacific.
The averaged deep water (>2,000 m) δ30Si (+1.3 ± 0.1‰) is in excellent agreement with +1.3‰ and 1.4‰
reported by Beucher et al. (2008, 2011) for the deep equatorial Pacific and with previously published values
reported by de Souza, Reynolds, Johnson, et al. (2012) covering a transect from the Southern Ocean up to
10°S. Grasse et al. (2013) show slightly lighter δ30Si of +1.2‰, which is however within external precision
(Figures 6 and S5). A high level of homogeneity in the deep Pacific is predicted by models (e.g., B. C.
Reynolds, 2009; de Souza et al., 2014; Gao et al., 2016; Wischmeyer et al., 2003). Both numerical models
and observations show that globally δ30Si declines nearly logarithmically with increasing [DSi] such that
δ30Si becomes nearly invariant (relative to measurement error) for [DSi] > ~100 μM. This leads to an
expected isotopic homogeneity of δ30Si between +1.1‰ and +1.2‰, for the entire deep Pacific given the high
[DSi] found throughout the deep portions of the basin. Our data from the Southeast Pacific are consistent
with this prediction. However, some extremely low (North Pacific) and relatively high (Cascadia Basin)
Figure 6. Comparison of published δ30Si data from the deep Pacific
(>1,000 m) Grasse et al. (2013; blue dots), de Souza, Reynolds, Johnson,
et al. (2012; black dots), Beucher et al. (2008, 2011; green dots), and the
GP16 transect (red dots). Besides a homogenous δ30Si along the ETSP as
well as the southern Pacific, some Central Pacific (open triangles; De La
Rocha et al., 2000) samples as well as North Pacific samples show very light
δ30Si values (open circles; B. Reynolds et al., 2006), which contrasts with
isotopically heavy values from the Cascadia Basin (Jones, personal
communication, 17.05.2019; Beucher et al., 2008). A Southern Ocean
end‐member (CDW) is indicated with a gray star (de Souza, Reynolds,
Johnson, et al., 2012; de Souza, Reynolds, Rickli, & Frank, 2012; Orsi
et al., 1999). The error bar (2 s.d. ¼ 0.2‰) corresponds to the external
reproducibility reported for the ALOHA1000 intercalibration standard.
10.1029/2020GB006538Global Biogeochemical Cycles
GRASSE ET AL. 9 of 15
δ30Si signatures have been measured in other areas of the deep Pacific (Figure 5) presenting what de Souza,
Reynolds, Johnson, et al. (2012) referred to as the deep Pacific “conundrum” due to their strong deviation
from model predictions. The reasons given so far to explain the unexpected variability in δ30Si across the
deep Pacific are measurement inaccuracies with older δ30Si data, especially for the North West Pacific (de
Souza, Reynolds, Johnson, et al., 2012) or additional sources, such as the Northeast Pacific DSi Plume,
which have not been considered in modeling attempts (Hendry & Brzezinski, 2014).
4.4. Influence of the EPR on Deep δ30Si
The hydrothermal plume emanating from the EPR provides us the opportunity to evaluate the impact of
hydrothermal activity on [DSi] and δ30Si distributions in the deep Pacific. The plume can be identified at
Station 18 by increased excess 3He (Cex
3He) relative to surrounding waters, which is then transported later-
ally more than 4,000 km westward at depths between 2,000 and 3,000 m (Figure 7; Resing et al., 2015;
Jenkins et al., 2018).
The influence of hydrothermal inputs on the global marine Si cycle remains uncertain due to the paucity of
δ30Si data from the source and only limited data sets close to deep vents (Brzezinski & Jones, 2015; De La
Rocha et al., 2000; Liguori et al., 2020). To date, the only published data for originally hot hydrothermal
(a)
(b) (c) (d) (e)
Figure 7. (a) Schematic figure of the GP16 transect below 2,000 m. The plume can be identified at Station 18 (and further
west) by increased excess 3He (Cex
3He in fmol kg−1; density lines) relative to surrounding waters with maximum
concentrations centering at 2,450 m depth (Jenkins et al., 2018; Resing et al., 2015). [DSi] and δ30Si reported in (a)
represent mean values between 2,200 and 2,600 m for Station 15 (132 μmol kg−1; 1.3‰), Stations 18, 20, and 21
(129 μmol kg−1, +1.4‰), Station 23 (132 μmol kg−1; +1.4‰; not shown), and Station 28 (136 μmol kg−1; +1.3‰).
(b–e) Selected stations above and west of the EPR with (b) Cex
3He (fmol kg−1), (c) dFe (nmol kg−1), (d) DSi (μmol kg−1),
and (d) δ30Si versus depth (m). δ30Si is only available from Stations 18 and 23 and one data point at Station 28. The
dark gray area indicates the depth of the Cex
3He peak (2,450 m) and the light gray area the maximum [dFe] (2,550 m).
Please note, that dFe data is sampled on a diffrent cast than the [DSi] and Cex
3He data. Small differences in peak
concentrations for [dFe] and [DSi] are most likely due to natural variability of the plume.
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fluids (~300°C) were sampled from the EPR at 9°N (−0.4‰ and −0.2‰;
De La Rocha et al., 2000), which reflects δ30Si of the earth mantle
(−0.3 ± 0.1‰, 2 s.d.; Douthitt, 1982; Savage et al., 2010). Due to extremely
high [DSi] (13,550 μmol kg−1) in these fluids and the low δ30Si of the
hydrothermal end‐member, hydrothermal influence is generally consid-
ered as a source for [DSi] (De La Rocha et al., 2000; J. Sutton et al., 2018).
Interestingly, hydrothermal plume waters (Stations 18, 20, and 21
≥2,200 m) are significantly lower in [DSi] (129 μmol kg−1) compared to
hydrothermal fluids and, therefore, within a similar range or even slightly
less concentrated compared to waters adjacent to the main plume
(Figures 7 and S6). We only observed a minimal increase in [DSi] (∼3
μmol kg−1) compared to shallower and deeper waters, together with an
increase in [dFe]. Maximum concentrations in [DSi] and dFe are slightly
below the maximum Cex
3He concentration (centered at 2,450 m)
(Figures 7c, 7d, and S6). Large amounts of hydrothermal Si do not reach
the Pacific deep water and must, therefore, precipitate within the conduit
and/or at the rim of the vent. Amorphous silica precipitates rapidly during
fluid ascent in the conduit either as amorphous silica, quartz, or further secondary mineral upon conductive
cooling of hydrothermal solutions with seawater (Elderfield & Schultz, 1996; Mortlock et al., 1993). This is
further supported by the findings of Feely et al. (1990). They found a general decrease in grain size of preci-
pitated amorphous silica particles with increasing distance to vents in the Juan de Fuca Ridge. They sus-
pected that most of the Si loss occurs within or very close to the vent. In addition, a study by Lam et al.
(2018) observed a very small enhancement in “biogenic Si” (most likely amorphous silica) at station 18, a
possibly hint, that DSi is converted into a solid phase. The precipitation of [DSi] as quartz is associated with
a fractionation, where light isotopes are preferentially incorporated into the solid phase, whereas the fluid
phase can be enriched in 30Si (Geilert et al., 2015; Kleine et al., 2018). Additionally, DSi shows a strong
adsorption affinity to Fe(III) oxyhydroxides (Davis et al., 2002; Feely et al., 1994), which form, when hydro-
thermal fluid gets into contact with oxygenated seawater. This process is known to induce a Si isotope frac-
tionation of approximately −1‰ (Delstanche et al., 2009). The precipitation of DSi causes an increase in
δ30Si within the conduit such that hydrothermal fluids reaching the rim do not differ significantly from sea-
water δ30Si (Figure 7a).
Despite the minimal increase in [DSi] (∼3 μmol kg−1) at approximately 2,550 m, stations close to the EPR
(Stations 18, 20, and 21) are generally depleted in [DSi] compared to Stations 23 and 28 further west (∼3 to
6 μmol kg−1). Previous studies along the EPR have speculated that the hydrothermal plume might not be a
continuous “smoke plume” emanating from a single location on the EPR (Jenkins et al., 2018) and that
the higher Cex
3He concentration further west (Station 20, Figure 7a) might be influenced from vent fields
located further south (17°S–18.5°S) on the EPR (Resing et al., 2015, and references therein). Therefore, the
estimation of the hydrothermal share in deep seawater is rather difficult due to poorly constrained end‐
members. Whereas seawater end‐member [DSi] can potentially be estimated from observations along the
GP16 transect, [DSi] in hydrothermal fluids was not measured during GP16, and the only estimates are from
the EPR around 9°N, with potentially different vent fluid dynamics. Rough estimates taking a 2 to
3 μmol kg−1 increase into account would result in a meager hydrothermal share (0.02%) considering a high
[DSi] of 14 mmol kg−1 for the hydrothermal fluid (De La Rocha et al., 2000). However, such hydrothermal
share calculations do not take abiotic processes into account, such as the formation of Fe(III) oxyhydroxides
in the water column (Fitzsimmons et al., 2017) and the potential adsorption of DSi onto those particles.
In another approach we estimated the enrichment/depletion of hydrothermal plume waters (Station 18,
>2,200 m, 129 μmol kg−1) to surrounding seawater. According to the OMPA analysis by Peters, Jenkins,
et al. (2018), water masses above the EPR consist of PDW (60 ± 10%), UCDW (20 ± 10%), and LCDW
(20 ± 10%). Even though Peters, Jenkins, et al. (2018) assumed that the bottom waters were not dramatically
altered by the hydrothermal plume, as key parameters (e.g., temperature, salinity, and [DSi]) did not change
significantly, small changes in [DSi] might not have been taken into account. We therefore calculated a
potential background [DSi] using different fractions of PDW (Table 1), which has the highest [DSi]
Table 1
Potential Source Water Contributions of the Main Water Masses in the
Region (PDW, UCDW, and LCDW) and Their Impact on [DSi] Variation








% % % ‰ μmol kg−1 %
50 25 25 1.20 125.25 3
60 20 20 1.20 133.40 −3
70 15 15 1.20 141.55 −10
80 10 10 1.20 149.70 −16
90 5 5 1.20 157.85 −22
100 0 0 1.20 166.00 −29
Note. According to OMPA calculations by Peters, Jenkins, et al. (2018),
the PDW contribution within the plume was 60 ± 10%. End‐member con-
centrations according to Peters, Jenkins, et al. (2018) were 166 μmol kg−1
for PDW, 77 μmol kg−1 for UCDW, and 92 μmol kg−1 for LCDW.
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(166 μmol kg−1) and thus will display the highest sensitivity to any hydrothermal dilution. For example, with
50% contribution of PDW, the expected [DSi] of the seawater with no hydrothermal share (δ30Si¼+1.2‰) is
125.25 μmol kg−1 instead of the 129 μmol kg−1 measured in the plume at Station 18. Depending on the source
water, the EPR could ultimately serve as a source or a sink for [DSi]. Whereas an enrichment (up to 3%) most
likely would result from hydrothermal input and/or water mass mixing, a depletion (up to 10%) could result
from direct DSi precipitation as, that is, quartz or by scavenging of Si by Fe(III) oxyhydroxide particles within
plume waters (e.g., Davis et al., 2002; Elderfield & Schultz, 1996; Feely et al., 1994; Mortlock et al., 1993).
However, given the small differences in [DSi], it is difficult to make robust estimates and disentangle water
mass mixing and abiotic processes. Overall, the influence of hydrothermal fluids on the [DSi] and δ30Si in
deep waters seems to be negligible, which is in accordance to studies in the North Atlantic (Brzezinski &
Jones, 2015) and Arctic (Liguori et al., 2020) oceans, where no apparent effect on the δ30Si in deep waters
was detected.
5. Conclusions
In this study, we present δ30Si data from the GEOTRACES GP16 transect from Peru to Tahiti. δ30Si was mea-
sured at two laboratories (GEOMAR and UCSB), and intercalibration between samples with high and low
[DSi] resulted in excellent agreement (generally <0.2‰; 2 s.d.).
The results show a strong gradient in surface water δ30Si values with moderately fractionated waters in the
vicinity to Peru and highly fractionated surface waters in the subtropical gyre. A strong coupling between the
upper oxycline and the sudden increase in [DSi] and a decrease in δ30Si was observed. However, δ30Si values
did not differ between samples within the OMZ and at higher oxygen concentrations (>50 μmol O2 kg
−1) at
similar water density. Overall, δ30Si below 2,000 m showed a homogenous distribution, despite the relatively
broad range in [DSi] (up to 25 μmol kg−1) and the presence of water masses with both northern and southern
origin. The uniformity in δ30Si is in very good agreement to previously published data in the region and
matches the predictions from models that δ30Si should be invariant relative to measurement error
(±0.2‰) for [DSi] > ~100 μmol kg−1.
We observe very little input and perhaps even a small reduction of [DSi] in bottomwaters close to the EPR. A
large fraction of [DSi] must therefore already precipitate within the conduit of the EPR. Additionally, Fe(III)
particles in the water column might scavenge DSi. However, given the small differences in [DSi] and no
measurable effect on δ30Si, hydrothermal fluids seem to have a neglectable impact on the deep Si cycle.
The present study significantly expands the δ30Si data set for the Pacific and confirms past observations and
models that suggest a homogenous δ30Si distribution below 1,000m in this region. This high degree of homo-
geneity is at odds with measurements in the North Pacific that show values that are both higher and lower
than expectations. Additional transects with expanded spatial coverage, especially in the Northwest Pacific
and the Cascadia Basin, will be necessary to resolve the apparent basin‐scale variability.
Data Availability Statement
Additional data from the U.S. GEOTRACES EPZT (GP 16) were published in a special issue edited by James
Moffett in 2018 (Marine Chemistry, Volume 201, pp. 1–262). δ30Si data are available through the Biological
andChemical OceanographyDataManagement OfficeWebsite (https://www.bco-dmo.org/dataset/728819).
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